ABSTRACT
8" "
In particular, we have carried out two 161-year experiments in which the same sea ice and SST
152"
distributions from the WACCM ICE control and ICE total simulations are prescribed to CAM4
153"
(referred to as ICE control_CAM4 and ICE total_CAM4 , respectively).
154"
Lastly, to assess the role of autumn sea ice loss in the winter and spring atmospheric circulation 155" responses, we perform an additional WACCM experiment similar to ICE total except that the sea 156" ice loss is confined to August though November (denoted ICE autumn ). Table 1 provides a full list of all the experiments and their boundary conditions. In the rest of this 158"
157"
paper, we shall refer to the difference between ICE total and ICE control as ∆ICE total . Similar
159"
terminologies are used for ∆ICE Atlantic , ∆ICE Pacific , ∆ICE autumn and ∆ICE total_CAM4 . A
160"
Student's t-test is used to estimate the statistical significance of the responses. We discard the 161" first year of each 161-year simulation from our analysis.
162"

Results
163"
a. Seasonal cycle of projected Arctic sea ice loss and surface energy flux response 164" Figure 1a-c shows the seasonal cycle of SIC from the fully-coupled WACCM simulations in the 165" late 20 th century (1980) (1981) (1982) (1983) (1984) (1985) (1986) (1987) (1988) (1989) (1990) (1991) (1992) (1993) (1994) (1995) (1996) (1997) (1998) (1999) century, WACCM's projected sea ice cover contracts poleward year-round relative to the late 170"
twentieth century. In late summer and early fall, there is substantial SIC reduction within the 171"
central Arctic. In winter and spring, the area of the Arctic ice loss is smaller, and distributed in 172"
9" " the marginal ice zones, e.g., Bering Sea, Sea of Okhotsk, Barents-Kara Sea, and Hudson Bay.
173"
The sea ice loss affects the atmosphere via changes in net upward surface energy flux (Fig. 1d) .
174"
The net surface flux is, primarily in the form of turbulent fluxes with a smaller contribution from directly to the south. The increase in upward heat flux is associated with the increase in surface 180"
temperature due to sea ice melt and local SST warming. To the south, the surface atmosphere is
181"
warmed by thermal advection from the ice loss region, while the SST is fixed by experimental
182"
design: this leads to a downward flux response.
183"
Figure 2 summarizes the monthly changes of sea ice area (gray bars) between the late 20 th and
184"
late 21 st century, and the Arctic surface energy flux response (solid black curve) in ∆ICE total .
185"
The largest sea ice loss occurs in August-October (∼ 6×10 6 km 2 ) and the smallest sea ice loss 186" occurs in March-June (∼ 3×10 6 km 2 ). In contrast, the net surface energy flux response exhibits a
187"
pronounced seasonal cycle, with maximum values in winter (∼ 40 W m −2 in December-January)
188"
and minimum values in summer (∼ 5 W m −2 in June-August). Since sea ice affects the
189"
atmosphere via surface energy fluxes, the delay between the maximum ice loss and the peak 190" surface energy flux response has implications for the timing of the atmospheric circulation
191"
response (Deser et al. 2010) . Specifically, as we shall show, the impact of Arctic sea loss on
192"
atmospheric circulation is largest in the winter even though ice loss peaks in the fall.
193"
b. Seasonal cycle of atmospheric circulation response 194" 10" " Figure 3 shows the seasonal cycle of zonal-mean zonal wind response (shading) in ∆ICE total ,
195"
superimposed on the control run climatology (contours). There is a pronounced seasonal cycle of meridional temperature gradient due to sea ice loss around the Arctic Circle.
204"
In contrast to the tropospheric circulation response, the stratospheric circulation response varies
205"
between winter and spring. In particular, the polar vortex weakens in winter but strengthens in
206"
spring. However, the stratospheric response in winter (spring) is small and only statistically 207" significant in the lower (upper) stratosphere below (above) 50 hPa. The strengthening of the
208"
polar vortex in spring is accompanied by ozone reduction and stratospheric cooling, in
209"
association with a decrease in the Brewer-Dobson circulation due to less upward propagation
210"
from the troposphere to the stratosphere (Scinocca et al. 2009; Sun et al. 2014) . Hereafter, our 211" main focus will be on the wintertime (December-February; DJF) circulation response.
212"
c. Sensitivity to geographical location of ice loss
213"
Some studies highlight the impact of sea ice loss in particular regions, for example the Barents
214"
and Kara Seas (Honda et al. 2009; Kim et al. 2014; Nakamura et al. 2015) , while others consider
215"
the full geographical pattern of Arctic sea ice loss (Scinocca et al. 2009; Deser et al. 2010; Cai et 216" 11" " al. 2012; Screen et al. 2013; Peings and Magnusdottir 2014) . It is thus of interest to see how 217" much different geographical locations of sea ice loss contribute to the atmospheric circulation 218" response in ∆ICE total . Figure 4 shows the zonal-mean zonal wind response in ∆ICE Atlantic and ∆ICE Pacific during
219"
220"
DJF. The opposing sign of the stratospheric responses is striking: a robust weakening of the polar 221" vortex in ∆ICE Atlantic and a robust strengthening in ∆ICE Pacific . Thus, the weakly negative
222"
and statistically insignificant response of the stratospheric polar vortex in ∆ICE total is a result of 223" largely cancelling effects from the two regions of ice loss. In the troposphere, ∆ICE Atlantic
224"
shows a similar meridional dipole response as ∆ICE total , albeit displaced about 5
• poleward,
225"
while ∆ICE Pacific shows only a weak reduction at the poleward edge of the westerlies.
226"
d. Mechanism of the winter stratospheric response
227"
Here we investigate the mechanisms of the opposing stratospheric responses in ∆ICE Atlantic and
228"
∆ICE Pacific. Figure 5a shows the evolution of the eddy heat flux response ([v * T * ] a ) at 100 hPa implying more upward wave propagation into the stratosphere in response to sea ice loss in
233"
Barents-Kara Sea. In ∆ICE Pacific , by contrast, strong negative anomalies appear over the polar 234" cap (poleward of 60 • N) in December, indicating that upward wave propagation has been 235"
suppressed as a result of ice loss in the northwestern Pacific. There is also a second period of
236"
negative anomalies in the polar cap in March, with smaller magnitude but statistically
237"
12" " significant. This also appears in ∆ICE total (not shown), and is responsible for the stratospheric 238" circulation changes in spring (Sun et al. 2014) . Figure 5b shows the Eliassen-Palm (E-P) flux vector and E-P divergence response in December 240"
239"
and January in ∆ICE Atlantic and ∆ICE Pacific . The E-P flux vector is used to characterize the 241" meridional and vertical wave propagation, and E-P divergence indicates the stratospheric wave 242" dissipation. In ∆ICE Atlantic , there is enhanced upward wave propagation into the stratosphere 243" whereupon the waves break, resulting in enhanced stratospheric wave dissipation (negative E-P 244" divergence anomalies). In the same way, less upward propagation in ∆ICE Pacific causes less ∆ICE Atlantic and strengthening of the polar vortex in ∆ICE Pacific .
248"
To further explore why the upward wave propagation responses in ∆ICE Atlantic and 
252"
where the bracket and asterisk indicate the zonal mean and zonal deviation, respectively, and the
253"
subscripts c and a refer to the climatology and anomaly, respectively. The first two terms on the
254"
right-hand-side of (1) indicate linear interference between the forced response and the
255"
climatological planetary waves; the third term is their nonlinear interaction.
256" Figure 6 shows the total eddy heat flux response in December-January, and its linear and non- 
40-60
• N in ∆ICE Pacific . They both coincide with the latitude band of sea ice loss, implying that
261"
the stratospheric responses indeed stem from the impact of Arctic sea ice loss instead of internal
262"
vacillations. The total eddy heat flux response is dominated by the linear component for both 263" experiments. Moreover, almost all of the eddy heat flux response comes from zonal wave 264" number 1 (Fig. 6 ). Therefore, in our simulations it is the linear interference between forced and 265"
climatological wave number 1 that determines the changes in upward wave propagation from the
266"
troposphere to the stratosphere. Next we address why wave-1 linear interference is opposite in
267"
∆ICE Atlantic and ∆ICE Pacific , and how this affects upward wave propagation.
268"
Linear wave interference theory has been used to explain tropospheric precursors to stratospheric propagation from the troposphere to the stratosphere will be enhanced (suppressed). Sun et al.
273"
(2014) showed that linear wave interference theory explains the springtime strengthening of the 274" polar vortex in response to Arctic sea ice loss; here we investigate whether it also works for the 275"
winter response.
276" Figure 7 shows the December-January geopotential height response (shading) at 30 hPa and 300
277"
hPa in ∆ICE Atlantic and ∆ICE Pacific . For the purpose of linear wave interference analysis, we
278"
also superimpose the climatological zonal wave number 1 (contours). At 300 hPa, the response
279"
in ∆ICE Atlantic is characterized by a positive geopotential height anomaly centered in the 280"
14" "
Barents-Kara Sea, where sea ice loss resides (crosshatches), and negative anomalies in the climatological wave number 1 in ∆ICE Atlantic (Fig. 7b) . Therefore, the forced response due to changes in upward wave propagation.
297"
e. Comparison of WACCM and CAM4
298"
As discussed above, we have conducted identical prescribed sea ice loss experiments with
299"
CAM4. Given the same sea ice loss, the WACCM and CAM4 show nearly identical changes in
300"
Arctic net surface energy flux (Fig. 2) . Therefore, any differences in circulation response 301" between WACCM and CAM4, can be attributed to the different model configurations.
302"
15" " Figure 8 shows the seasonal cycle of the zonal-mean zonal wind response in ∆ICE total_CAM4 .
303"
There are striking differences between the responses in CAM4 compared to WACCM (recall 304" Fig. 3 ). In general, the tropospheric circulation response (easterly wind anomalies in the band 305"
50
• -70
• N) is considerably weaker in CAM4 than WACCM, especially in DJF and MAM, and
306"
there is no evidence for enhanced westerlies in middle latitudes. In the stratosphere, the winter
307"
circulation response in CAM4 is characterized by a strengthening of the polar vortex, opposite to 308" that in WACCM. The difference in stratospheric responses coincides with a difference in
309"
climatology: the mean winter polar vortex in CAM4 is roughly 10 m s −1 stronger than in
310"
WACCM, likely due to the absence of non-orographic gravity wave parameterizations in the 311" low-top model. The spring stratospheric response in CAM4 resembles the response in WACCM,
312"
with a little larger magnitude in the lower stratosphere. In summer and autumn, both models 313"
exhibit weak responses in both the troposphere and stratosphere.
314" Fig. 9 shows the evolution of the polar-cap (65-90
• N) geopotential height response from
315"
December through April in ∆ICE total and ∆ICE total_CAM4 , and their difference. Polar-cap
316"
geopotential height is commonly used as a simple proxy for the NAM index (e.g., Peings and over 95% statistical significance (Fig. 9c) . This downward influence pattern is similar to those 327" discussed in Baldwin and Dunkerton (2001) , Peings and Magnusdottir (2014) and Kim et al.
328"
(2014), and suggests that differences in the stratospheric response due to model configuration 329" subsequently affects the tropospheric response as a consequence of downward propagation.
330"
To help understand the mechanism of the different circulation responses in WACCM and and their difference (Fig. 10) . Overall, there is more horizontal and vertical wave propagation 333" into the polar stratosphere in WACCM compared to CAM4, which induces more wave 334" dissipation (negative anomalies) in the lower stratosphere. In contrast, there is downward wave 335" propagation poleward of 60
• N in CAM4, which is responsible for the weaker dissipation in the 336"
lower stratosphere. The difference in E-P flux responses highlights the greater horizontal and 337"
vertical wave propagation into the polar stratosphere in WACCM compared to CAM4 (Fig. 10c) .
338"
This explains why the winter polar vortex weakens in WACCM but strengthens in CAM4.
339"
In the troposphere, both models exhibit upward wave propagation in the latitude band 40
with anomalous E-P convergence in the extratropical upper troposphere. These patterns are in
341"
agreement with other modeling studies (e.g., Peings and Magnusdottir 2014). However, the
342"
upward wave propagation is stronger in WACCM compared to CAM4, accompanied by larger
343"
E-P divergence around 40
• N and E-P convergence around 60 • N. These larger E-P
344"
divergence/convergence anomalies act to extract more momentum from the high-latitudes and 345"
deposit it in the middle latitudes, causing a larger negative NAM response in WACCM 346" compared to CAM4.
347"
17" " f. Impact of autumn sea ice loss on winter and spring atmospheric circulation 348" As discussed in the Introduction, some studies have speculated that the winter NAO/NAM 349" response to Arctic sea ice loss is a delayed response to the larger ice loss in autumn rather than a 350" simultaneous response to the smaller ice loss in winter (e.g., Francis et al. 2009 ). Here we test 351" this hypothesis by comparing the circulation responses in ∆ICE autumn and ∆ICE total . Recall
352"
that the ice loss in ∆ICE autumn is restricted to the months August through November (Table 1) .
353"
However, there is some residual ice loss through December 15 due to interpolation of the 354" prescribed sea ice cover from monthly to daily values within the model. This is reflected in a 355" small non-zero surface energy flux response in December in ∆ICE autumn (Fig. 2) . Prior to
356"
December, the surface energy flux response in ∆ICE autumn is almost identical to that in
357"
∆ICE total . After December 15, there is no ice loss in ∆ICE autumn , and any changes in the 358" tropospheric or stratospheric circulation must come from ice loss earlier in the season. Figure 11a shows the evolution of the polar-cap geopotential height response in ∆ICE autumn 360" from December through April. Significant positive anomalies occur in the troposphere in
359"
361"
December, and in the stratosphere in January. Although there is a weak signature of apparent 362" downward propagation from January to April, the amplitudes are small and not statistically influence from the stratosphere to the troposphere (Figure 11b ). In particular, a weakening of the 366" stratospheric polar vortex in January is followed by a statistically significant response near the 367"
surface from mid-February through early April. This suggests that autumn sea ice loss is able to
368"
affect the late winter and early spring tropospheric circulation in the Atlantic sector through a
369"
18" " stratospheric pathway.
370"
The spatial distributions of monthly 1000-hPa geopotential height anomalies in ∆ICE autumn March, and late March), consistent with Fig. 11b . Here, the daily NAO index was computed by 383" projecting daily 500-hPa geopotential height anomalies onto the leading EOF of 500 hPa 384" geopotential height anomalies during December-May over the Atlantic sector (90
386"
Since the circulation response in ∆ICE total also exhibits a negative NAM/NAO pattern, it is 387"
interesting to evaluate how much of the total response is contributed by autumn sea ice loss.
388" Figure 13 compares the February-April 500-hPa and 1000-hPa geopotential height responses in
389"
∆ICE total and ∆ICE autumn . The NAO response in ∆ICE autumn exhibits an equivalent
390"
barotropic structure, with amplified anomalies at 500 hPa compared to 1000 hPa; the 500 hPa ∆ICE total comes from autumn sea ice loss (via the stratosphere), whereas the circulation changes 395" in other regions (e.g., Pacific) are due to the contemporaneous sea ice loss.
396"
g. Surface climate response to projected Arctic sea ice loss
397"
Next we turn our attention to the surface climate response. Figure 14 shows the winter (DJF) and 398" spring (FMA) responses of 2-m air temperature (shading) and sea-level pressure (SLP; contours)
399"
in ∆ICE total and ∆ICE autumn . We shall first consider the responses in ∆ICE total . Both seasons
400"
show a similar pattern of SLP response consisting of negative anomalies over the north Pacific induced cooling is reduced in magnitude in FMA due to the weakening of the high-pressure
413"
20" " response. It is also worth noting that the lack of high-pressure anomalies over North America in 414" either season means that dynamically-induced cooling does not occur in this region. The winter 415" surface air temperature and atmospheric circulation responses found here are largely in 416" agreement with previous modeling studies ( Mori et al. 2014; Screen et al. 2014) .
417"
The FMA air temperature responses in ∆ICE autumn are entirely attributable to dynamical 418" effects, as there is no ice loss by design. In particular, the positive SLP response induces cold air thermodynamically-induced warming as there is no ice loss during FMA in this experiment.
422"
Thus, although the Siberian high anomaly is of similar magnitude in ∆ICE total and
423"
∆ICE autumn , the surface temperature responses are distinct, reflecting the additional role of 424" direct thermodynamic warming from the ice loss itself in ∆ICE total . ∆ICE autumn also shows a
425"
weak but statistically significant warming in DJF over portions of northeastern Canada and
426"
Greenland, due to residual ice loss in the first half of December.
427"
Summary and discussion
428"
a. Summary
429"
We used the "high-top" WACCM atmospheric model to investigate the response of the statistics. Our key findings are summarized as follows.
433"
The tropospheric circulation response to the imposed Arctic sea ice loss resembles the negative geographical locations of sea ice loss.
442"
Identical experiments conducted with CAM4, WACCM's low-top counterpart, provide evidence 443" for the importance of the representation of the stratosphere in the stratospheric and tropospheric
444"
circulation response to Arctic sea ice loss. In particular, the results are suggestive of a downward 445" influence of the stratospheric response on the troposphere, but differences in model physics in 446" addition to stratospheric representation preclude a more definitive conclusion. Finally, we 447" showed that autumn sea ice loss causes a weakening of the stratospheric polar vortex in January,
448"
followed by a small but significant tropospheric response in late winter and early spring that 449" resembles the negative phase of the NAO. Thus, the stratosphere plays the role of an atmospheric
450"
"bridge" between autumn sea ice loss and late winter/early spring NAO. The mid-winter (DJF) 451" atmospheric circulation response, however, is dominated by the effects of winter ice loss.
452"
Further, autumn ice loss, via the stratospheric "bridge" mechanism, only explains the late 453" winter/early spring tropospheric circulation response over the Atlantic sector; the Pacific sector 454" response is due to contemporaneous sea ice loss.
455"
Finally, we have shown that the impact of Arctic sea ice loss on winter and spring surface 456" temperatures over the high latitude continents is a balance between thermodynamically-induced 457"
22" "
warming as air from the warmer Arctic Ocean mixes southward, and dynamically-induced 458" cooling associated with an enhanced Siberian High.
459"
b. Discussion
460"
The results presented above highlight a number of issues. An important one is the sensitivity of
461"
the stratospheric circulation response to the geographical location of the sea ice loss, which we 462" have shown is due to whether the ice loss leads to constructive or destructive interference 463" between the forced and climatological tropospheric zonal wave 1. Specifically, our ∆ICE Atlantic than model dependence, we argue that differences in sea ice forcing location in these modeling circulation response is similar to our ∆ICE Atlantic . This is also in agreement with the empirical 470" study by Feldstein and Lee (2014) . On the other hand, when the full geographic distribution of 471" sea ice loss is considered, the stratospheric response becomes more variable, in some cases 472" dominated by effects from the Barents-Kara Sea ice loss (e.g., the present-day ice loss an open question.
478"
A second issues relates to whether the atmospheric circulation response to Arctic sea ice loss 479"
23" "
depends on the representation of the stratosphere. Indeed, we found that WACCM and CAM4
480"
have opposite winter stratospheric circulation responses to the same sea ice forcing. Intriguingly,
481"
the difference between the stratospheric circulation responses in the two models intermittently 482" extends downward into the troposphere. This apparent downward influence is suggestive that the
483"
lack of a well-resolved stratosphere in CAM4 may contribute to its weaker lower tropospheric
484"
NAM response compared to WACCM; however, we cannot rule out the possibility that other 485" structural differences between the two models may also play a role.
486"
One question we have not addressed is why the winter stratospheric wave propagation and and Perlwitz 2010). The altered tropospheric waves might be able to trigger different wave 494" interference patterns with the forced response, thus causing different responses in upward wave 495" propagation. In our case, we do observe more wave refraction into mid-latitudes and also less 496" upward wave propagation into the stratosphere over the Arctic in CAM4 compared to WACCM 497" (Fig. 10 c) . Therefore, both mechanisms could potentially contribute to the different stratospheric 498" responses to Arctic sea ice loss in WACCM and CAM4.
499"
A third issue concerns the role of the stratospheric "bridge" in communicating the effects of 500" autumn sea ice loss to the winter/spring tropospheric circulation. It has been suggested that snow 501" cover changes in October can influence the winter tropospheric circulation via a stratospheric 502"
24" "
pathway (e.g., Cohen et al. 2007 ). However, we find only minor changes in October snow in 503" response to autumn sea ice loss (not shown), suggesting that it is the direct influence of the sea 504" ice rather than snow cover anomalies that alters the mid-winter stratospheric circulation, which 505" in turn leads to a negative tropospheric NAO response in late winter and early spring.
506"
Finally, our modeling experiments point to competing effects of Arctic sea ice loss on air 507" temperatures over the adjacent continents. Circulation-induced cooling can overwhelm latitudes over Eurasia in both winter and spring, while thermodynamic warming wins out at high 512" latitudes over both continents. In addition, the negative SLP response over Canada in both 513" winter and spring augments the warming over North America. Thus, caution is needed when 514" attributing the effects of Arctic sea ice loss on continental climate, as they represent a balance 515" between competing mechanisms.
516"
Our experiments do not consider the potential role of air-sea coupling in the climate response to 517" Arctic sea ice loss. A recent study conducted with CAM4 shows that without ocean feedbacks,
518"
the atmospheric circulation response is confined to the Northern Hemisphere extratropics;
519"
whereas, with ocean feedbacks, the response expands to cover the whole globe, resembling a 520" mini global warming pattern that includes an equatorward shift of the Inter-Tropical
521"
Convergence Zone (Deser et al. 2015) . The extent to which the presence of a well-resolved 522" stratosphere modifies this coupled ocean-atmosphere response to Arctic sea ice loss remains to 523" be addressed. is run for 161 years with the first year discarded from analysis. (solid black curve), ∆ICE autumn (solid green curve), and ∆ICE total_cam4 (dashed red curve).
660"
Note the inverted scale for sea ice area. confidence level based on a two-sided Student's t-test. exceeds 15%.
683" Fig. 8 . As in Fig. 3 , but for the zonal wind response in ∆ICE total_cam4 . the first half of December exceeds 15%. Stippling indicates that the response is statistically 700" significant at the 95% confidence level. b) Response of the daily NAO index in ∆ICE autumn .
701"
The horizontal tick marks denote the first day of each month. crosshatching denotes the regions where sea ice concentration loss exceeds 15%. Stippling
711"
indicates that the 2-m air temperature response is statistically significant at the 95% confidence 712" level. (solid black curve), ∆ICE autumn (solid green curve), and ∆ICE total_cam4 (dashed red curve).
726"
Note the inverted scale for sea ice area. confidence level based on a two-sided Student's t-test. level. b) Response of the Eliassen-Palm (E-P) vector and E-P divergence (color shading)
746"
averaged over December and January in ∆ICE Atlantic and ∆ICE Pacific . smoothed by 7-day running average. The horizontal tick marks denote the first day of each
767"
month. Stippling indicates that the response is statistically significant at the 95% confidence 768" level. 
